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Abstract. Previous studies have indicated that most of the net sinking associated with the downward branch of the Atlantic1

Meridional Overturning Circulation (AMOC) must occur near the subpolar North Atlantic boundaries. In this work we have2

used monthly mean fields of a high-resolution ocean model (0.1 deg at the equator) to quantify this sinking. To this end we have3

calculated the Eulerian net vertical transport (W∑) from the modelled vertical velocities, its seasonal variability and its spatial4

distribution under repeated climatological atmospheric forcing conditions. Based on this simulation, we find that for the whole5

subpolar North Atlantic W∑ peaks at about −14 Sv at a depth of 1139 m, matching both the mean depth and the magnitude of6

the meridional transport of the AMOC at 45
◦
N. It displays a seasonal variability of around 10 Sv. Three sinking regimes are7

identified according to the characteristics of the accumulated W∑ with respect to the distance to the shelf: one within the first8

90 km and onto the bathymetric slope at around the peak of the boundary current speed (regime I), the second between 90 km9

and 250 km covering the remainder of the shelf where mesoscale eddies exchange properties (momentum, heat, mass) between10

the interior and the boundary (regime II), and the third sinking regime at larger distances from the shelf where W∑ is mostly11

driven by the ocean’s interior eddies (regime III). Regimes I and II accumulate ∼ 90% of the total sinking and display smaller12

seasonal changes and spatial variability than regime III. We find that such a distinction in regimes is also useful to describe the13

characteristics of W∑ in marginal seas located far from the overflow areas, although the regime boundaries can shift a few tens14

of km inshore or offshore depending on the bathymetric slope and shelf width of each marginal sea. The largest contributions15

to the sinking come from the Labrador Sea, the Newfoundland region and the overflow regions. The magnitude, the seasonal16

variability and the depth at which W∑ peaks vary for each region, thus revealing a complex picture of sinking in the subpolar17

North Atlantic.18
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1 Introduction1

The Atlantic Meridional Overturning Circulation (AMOC) is a fundamental component of the Earth’s climate system (Lozier,2

2012; Buckley and Marshall, 2016). Over the last few decades the traditional view of an ocean conveyor with an upper poleward3

current transporting warm waters to higher latitudes, and a downward branch with intermediate and deeper denser waters that4

originate in the regions of deep convection and move toward the equator (Broecker, 1987, 1991) has been revised.5

First, it became apparent that eddies actively mediate between the upper and lower limbs of the AMOC (Lozier, 2010). As6

a consequence, the Deep Western Boundary Current (DWBC) presents large spatio-temporal variability, as the flow splits in7

the North Atlantic (near 50�N) in the well-known western current aligned with the boundary (Stommel and Arons, 1959) and8

other more elusive interior paths (Bower and Hunt, 2000; Bower et al., 2009). Similarly, at the surface, the pathways of the9

North Atlantic Current that connect the subtropical gyre with the subpolar gyre are still not well established, as evidenced10

by the trajectories of surface drifters (Brambilla and Talley, 2006) and by estimates of the inter-gyre exchange (Rypina et al.,11

2011).12

Second, the earlier idea that strong open ocean convection -e.g. in the interior of the Labrador, Irminger or Greenland Seas-13

is accompanied by large-scale sinking of waters, and that this downwelling represents the largest part of the sinking related to14

the AMOC, has been abandoned. The explanation for this is that once the winter cooling has preconditioned the convection15

site through a prolonged buoyancy loss, the vertical transport associated with small-scale (∼ 1km) deep convective plumes16

is mostly compensated by nearby rise of waters, so that little vertical mass transport is expected (Marshall and Schott, 1999;17

Send and Marshall, 1995). Moreover, these regions of deep convection are highly localized, with length scales of 500km of18

less. This implies that the horizontal gradient in planetary vorticity across the convection region is small. In order to balance19

the vorticity changes associated with substantial sinking in the geostrophic ocean interior, an unrealistically strong northward20

current would be required (Spall and Pickart, 2001). Instead, previous studies have shown that the Eulerian net sinking (in21

depth space) associated with the lower branch of the AMOC must occur near the boundaries, where the flow is subject to non-22

geostrophic dynamics. Thus, at the topographic slopes a richer vorticity balance arises with a dissipation term that compensates23

the vertical stretching of planetary vorticity induced by the sinking (Spall and Pickart, 2001; Spall, 2004, 2008; Brüggemann24

et al., 2017). As a result, higher rates of sinking are attainable near the boundaries of marginal seas.25

Spall and Pickart (2001) and Pedlosky and Spall (2005) analyzed the sinking along a straight boundary current subject to26

buoyancy loss. They found that a flow in thermal-wind balance develops, with a density gradient that spirals with depth. Such a27

spiraling structure induces strong vertical movements, which they found to be proportional to the along-shore density gradient28

and the mixed layer depth. With a 2-layer approach, Straneo (2006) studied a boundary current surrounding denser interior29

waters as a representation of the Irminger Current waters flowing around the perimeter of the Labrador Sea. In her model net30

sinking appears in the boundary layer as the boundary current loses buoyancy along the perimeter. She also found that larger31

along-shore density gradients give rise to more sinking. Consistently Cenedese (2012) came to a similar conclusion from32

laboratory experiments in a tank. However, the North Atlantic is not the only place where sinking predominantly takes place33

near the boundaries. As pointed out by the recent work of Waldman et al. (2018), significant sinking occurs in the first 50 km off34
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the coast in the Mediterranean Sea, though it is much smaller than in the North Atlantic (∼−1 Sv, where 1Sv = 106 m3 s�1).1

At this location, sinking is catalyzed by the existence of a western boundary current that densifies along its way around the2

basin, a strong winter cooling in the interior due to northerly winds, and an active near-shelf eddy field.3

More recently, Katsman et al. (2018) estimated the net sinking in the North Atlantic from model simulations at a depth chosen4

to match the maximum of the overturning streamfunction (at 1060 m), well below the mixed layer depth. They computed the5

net sinking over the time averaged fields of two hindcasts based on the same ocean model (ORCA) and atmospheric forcing.6

The two simulations covered the period 1958-2001 and had a different horizontal resolution (0.25
◦

and 1
◦
, —ORCA025 and7

ORCA1— respectively). Their results showed a significant net sinking along the boundaries, much higher than in the interior.8

Notably the finer resolution model displayed 8 Sv more net sinking along the perimeter than the lower resolution version9

(−20 Sv and −12 Sv respectively). However, the contribution of overflow waters to the total budget of net sinking along the10

selected perimeter was nearly the same in absolute terms, with average amounts of−7.6 Sv and−7.4 Sv for the coarser and the11

finer resolution simulation respectively. Hence, the large differences in sinking between both simulations are mostly attributed12

to the boundary region. According to the authors, this difference may be due to the fact that the finer resolution model is13

eddy permitting. Thus, ageostrophic eddy-driven processes may also play an important role in boundary sinking. For instance,14

eddy-induced heat fluxes significantly increase the lateral heat exchange between the cooler interior and the warmer boundary,15

cooling the boundary current on its way and then enhance the along-shore density gradient (Spall, 2011). Also, as pointed out16

by Spall (2010) eddy vorticity fluxes and dissipation play an important role in balancing the vertical stretching of planetary17

vorticity induced by sinking in a convective basin.18

In order to better understand the contribution of geostrophic and ageostrophic processes to sinking Brüggemann and Katsman19

(2019) used an idealized model with fine resolution (3 km in the horizontal), which is able to mimic the basic features of the20

Labrador Sea: a cyclonic boundary current circulating along a semicircular basin, with a small part dominated by a steeper21

topographic slope (change in depth of 3000 m in few tens of km) resulting in the generation of a vigorous eddy field. Stronger22

sinking was found onto and near the sharp topographic feature than in any other place in the domain. Likewise, the recent23

work of Georgiou et al. (2019) highlights the importance of eddy-driven transport using an idealized eddy-resolving model of24

the Labrador basin. Among others, this study demonstrates that the total amount of sinking is sensitive to changes in the eddy25

pathways. It must be stressed here that the above idealized studies assumed closed basins, while in reality open boundaries26

exist and exchanges between the North Atlantic and Arctic occur. Overflows also contribute significantly to the net sinking, as27

shown in Katsman et al. (2018). However, they are governed by different dynamics (e.g. Shapiro and Hill, 1997; Yankovsky28

and Legg, 2019).29

This work adds a new dimension of complexity to existing studies by investigating how the net sinking in the North At-30

lantic changes seasonally and regionally. Despite the promising first results of the Overturning in the Subpolar North Atlantic31

Program-OSNAP (Lozier et al., 2017; Kornei, 2018; Holliday et al., 2018; Lozier et al., 2019), the scarcity of measurements32

below the surface still necessitates the use of numerical models to provide more insight into the spatio-temporal variability of33

sinking and to grasp the physical processes behind its dynamics. To this end, we use an ocean-only eddy-resolving numeri-34

cal simulation with a nominal resolution of 0.1
◦

under a repeated climatological annual atmospheric forcing, not adding the35
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additional complexity of historical variations (e.g. variations at inter-annual or inter-decadal scales) in surface forcing. Since1

the degree of buoyancy loss, the topographic con�guration, and the oceanic circulation differ among the North Atlantic sub-2

basins, a complex repartitioning of sinking is anticipated. Therefore we evaluate separately the seasonality and the distribution3

of sinking at different spatial scales including the marginal seas and over�ow areas in the basin. In addition, the connection4

between sinking and the AMOC is addressed throughout the paper.5

The remainder of this paper is structured as follows: in Sect. 2 we introduce the numerical simulation and assess the ability6

of the model to reproduce a realistic AMOC; in Sect. 3 we consider the main characteristics and the seasonal variability of7

sinking in the entire subpolar North Atlantic; in Sect. 4 we evaluate similarities and differences between sinking in the marginal8

seas, over�ow regions and mid-latitude seas of the subpolar North Atlantic based on their different bathymetric pro�les and9

driving local dynamical processes; in Sect. 5 we show that in our simulation the connection between sinking variations and the10

AMOC changes fades when the dominant seasonal signal is removed. To conclude, in Sect. 6 we summarize and discuss the11

most signi�cant �ndings.12

2 Model data & methods13

The model set up is based on a con�guration of the Parallel Ocean Program model (POP) (Maltrud et al., 2008; Smith et al.,14

2010). This model solves the primitive equations on a tri-polar curvilinear grid with a nominal horizontal resolution of0:1�15

at the equator and 42z-layers in the vertical down to a depth of 6000 m. The vertical resolution ranges from 10 m at the16

surface to 250 m for the deepest layers. The bottom topography is described by partial bottom cells (Adcroft et al., 1997). The17

atmospheric forcing �elds (wind, heat �uxes and precipitation) are applied by repeating a prescribed annual cycle from the18

Coordinated Ocean Reference Experiment (CORE) forcing dataset (Large and Yeager, 2004). Observed river run-off �elds are19

also included. Table 1 shows the value of some key model parameters. The simulation analyzed here is a subset of a longer20

control run already employed by Brunnabend and Dijkstra (2017) — see the latter for more details on this simulation.21

Table 1. Summary of POP model key parameters used in the simulation (see Maltrud et al. (2010); Weijer et al. (2012); Brunnabend and
Dijkstra (2017) for details)

Parameter Value

Horizontal resolution 0.1 deg at the equator
Vertical resolution 42 non-equidistantz-levels. From 10 m (surface) to 250 m (deepest)
Horizontal dissipation (momentum) Bi-harmonic viscosity and diffusion/ gridsize3. At the equator� 0 = � 90m4=s
Horizontal dissipation (tracers) Bi-harmonic viscosity and diffusion/ gridsize3. At the equatork0 = � 30m4=s
Vertical Mixing (K-pro�le) 0:1m2=s to solve gravitational instabilities
Background vertical tracer diffusion From10� 5 m2=s (surface) to10� 4 m2=s (depth)
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2.1 Model data & general performance1

We use 15 years of three-dimensional monthly-mean �elds of velocity, potential density, temperature and salinity for our2

analysis. Other two-dimensional variables such as bottom depth, the area and volume of grid cells and monthly-mean �elds3

of mixed layer depth are also utilized. Since this study focuses on the seasonal time scale, and because the forcing is annually4

repeated, 15 years is suf�cient to provide robust results. The period selected, corresponding to years 260-274 in the simulation5

time frame, is chosen well after the spin-up years. We note that inter-annual and larger time scales of variability are not included6

in our prescribed repeated annual forcing. This does not alter the validity of our analysis at seasonal scales since the annual7

cycle of winds and heat �uxes are dominant. Maps with mean ocean currents for the North Atlantic Ocean at depths of 5 m8

and 1139 m (Fig. S1) show realistic strength and location of the Gulf Stream and other subpolar boundary currents, taking9

into account the resolution of the model. Previous work using the same model in a similar set-up found a well-represented10

distribution of currents, kinetic energy and water-mass properties at basin scale (Maltrud et al., 2010; Weijer et al., 2012;11

Brunnabend and Dijkstra, 2017). Moreover the modelled mixed layer depth qualitatively matches the spatial pattern derived12

from ARGO �oats (Våge et al., 2009; Holte et al., 2017), where the areas of deepest convection are found in the south-west13

Labrador Sea, in the Greenland Sea and around the Iceland-Scotland Ridge. However the modelled data shows some delay14

in reaching the deepest mixed layer depth in the Labrador Sea (March against April) and tends to overestimate the observed15

mean values in some areas (compare Fig. S2 with Fig. S3). We partly attribute this to the use of repeated normal-year forcing16

conditions for wind and heat �uxes. We note also that the spatial coverage by ARGO �oats is still scarce and hence gridded17

�elds are coarser than model data. Besides, both results are sensitive to the algorithm used to compute the mixed layer depth18

(de Boyer Montégut et al., 2004).19

2.2 Overturning streamfunction20

The overturning streamfunction ( o) is a measure of the AMOC strength. With this metric northward and southward �ows21

can be identi�ed, as well as the depth where the transport reaches its maximum. o is determined from the vertical integral of22

the zonally integrated meridional velocity at the southern boundary of our domain, and the running meridional integral of the23

zonally integrated vertical velocity, i.e.:24

 o(y;z; t) = �

x eZ

x w

zZ

H (x 0;y 0)

v(x0;y0;z0; t) dz0dx0+

yZ

y0

x eZ

x w

w(x0;y0;z0; t) dx0dy0 (1)25

wherev(x0;y0;z0; t) and w(x0;y0;z0; t) are the meridional and vertical ocean velocity components,y0 is latitude of the26

southern boundary (selected aty0 = 25
�
N), H (x0;y0) is the ocean bottom depth andxw andxe are the western and eastern27

boundaries of the North Atlantic Ocean respectively (Fig. 1A). The model simulation analyzed here yields a maximum time-28

averaged overturning streamfunction of25:6Sv near35� N, whereas the modelled o at the RAPID array location (26� N)29

shows a maximum time-average transport of22:3� 1:9 Sv (Fig. 1B, blue line). This value is within the interval of uncertainty30
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of the annual mean RAPID array observations prior to 2008,18:8 � 4:3 Sv (Cunningham et al., 2007; Kanzow et al., 2010),1

and slightly larger than observations if we consider a longer RAPID period (April 2004-January 2017) with17:0� 1:9 Sv (the2

uncertainty is the standard deviation). Recent model-based results from Sinha et al. (2018) indicate that the RAPID array may3

be underestimating the transport by about 1.5 Sv, due to structural errors in the array set-up. Not surprisingly, our simulation4

is less successful in reproducing the range of variability of annual averages at the RAPID array (April 2004-January 2017),5

underestimating this variability by almost 5 Sv, with a range of 3.2 Sv against the measured 7.9 Sv (Smeed et al., 2014, 2018).6

This underestimation is likely due to the use of seasonal mean wind forcing conditions, where the atmospheric high-frequency7

variability has been partially �ltered. Finally, the depth of the maximum time-averaged o is 1139 m (Fig. 1A), very close8

to the depth found at the RAPID array location, at about 1100 m (Smeed et al., 2014, 2018). At45
�
N (red line in Fig. 1B),9

the modelled AMOC is around 8 Sv weaker than at the RAPID array location but presents a more pronounced seasonal cycle10

(around 10 Sv), with the maximum in August and the minimum in February. Results from two dedicated campaigns in different11

years covering the OSNAP sections (� 50
�
� 60

�
N) provided a similar range of variability for o, � 10� 20Sv (Holliday et al.,12

2018). The recent �rst assessment of the OSNAP observations by Lozier et al. (2019) yields a mean estimate of the o that13

is smaller than our mean o at 45
�
N (around 6 Sv smaller) but that compares well with our mean modeled results at55

�
N14

(8:0 � 0:7 Sv versus8:1 � 2:4 Sv, not shown). The depths of maximum o are located at around 1000 m for the OSNAP15

observations and at around 1100 m for our simulation for both45
�
N and55

�
N. In contrast, their results do not show a clear16

seasonal signal in the AMOC while our simulation shows a marked seasonality in o for 45
�
N (� 10 Sv) and55

�
N (� 8 Sv).17

We partly attribute this difference between the observations and our modeled results to the short OSNAP time series (only18

21 months, from August 2014 to April 2016), and to the fact that we are using normal forcing conditions with a dominant19

seasonal signal without high-frequency wind variability. Nevertheless, a stronger transport in summer than in winter can be20

inferred from the OSNAP observations (Lozier et al., 2019), which is in agreement with our modeled results. Therefore we21

conclude that our simulation displays an AMOC with reasonable mean transport and variability, and a well-located core in22

depth.23

3 Mean and seasonal characterization of net sinking in the subpolar North Atlantic24

The structure of the AMOC streamfunction (Fig. 1A) indicates that there is a decrease in the amount of transport between25

the North Atlantic mid-latitudes and the subpolar region that, by mass conservation, must be re�ected in the magnitude of the26

vertical transport. However, such �gures only provide a two-dimensional view of the overturning circulation in the subpolar27

North Atlantic. In this study we analyze the complex full structure of the circulation by characterizing spatial and seasonal28

variations in the sinking. In Sect. 3.1 we present the spatial distribution of modelled vertical velocities, which we use to29

compute the net vertical transport for the subpolar North Atlantic Ocean, its seasonal variability and its vertical structure. In30

Sect. 3.2 a distinction in sinking regimes is proposed based on the differences in the net vertical transport between the near-shelf31

and the interior regions. To conclude this Section, we discuss our results in light of earlier studies.32
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Figure 1. (A) 15-year average (years 260-274) overturning streamfunction, o(y;z), for the North Atlantic Ocean. (B) Time series of maxi-
mum overturning streamfunction at26� N (blue) and45� N (red); positions are also indicated by dashed lines in Fig. 1A.1Sv = 106 m3 s� 1 .

3.1 Vertical structure of sinking1

A map of the mean distribution of the maximum vertical velocities (wmax , the sign is conserved) obtained from the monthly2

mean �elds in the North Atlantic (Fig. 2A) shows a spatial pattern characterized by strong velocities mostly con�ned to the3

boundaries. This is in line with results from idealized models (Spall and Pickart, 2001; Spall, 2004; Straneo, 2006; Spall,4

2010; Georgiou et al., 2019; Brüggemann and Katsman, 2019) and global ocean models (Katsman et al., 2018).wmax may5

reach values of over 150mday� 1, in good agreement with glider-based observations (Frajka-Williams et al., 2011). Fig. 2B6

shows the depth at which the velocities are most intense; the black points mark wherejwmax j is larger than 80mday� 1. Most7

of the strong vertical velocities are found at a depth around 1000 meters (black contour in Fig. 2A) close to the boundaries.8

These strong vertical velocities cannot be considered as noise since they show a coherent spatial pattern along the bathymetric9

contours and their standard deviation is several times smaller (square root of variance shown in Fig. 2C, about30mday� 1)10

than their mean value. At some locations, alternating patterns of upward and downward motions are found (Fig. 2A, south-east11

of Greenland). As shown later, water is forced to move up and down there due to the dynamical restrictions imposed by the full12
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vorticity balance on topographic slopes (see e.g., Spall, 2010). The positive and negative alternations offshore of the Flemish1

Cap and in the interior of Greenland and Norwegian Seas must have a different cause. In the case of the Flemish Cap, they occur2

at the edges of eddies (Fig. S4) and the depth of largest sinking is below 2000 m (Fig. 2B, also in the interior of Norwegian3

and Greenland Seas), which indicates these eddies are deep and possibly have a strong barotropic component. Indeed, the high4

variance of vertical velocities in the surroundings of the Flemish Cap (� 2(w)) is a re�ection of the existence of an active eddy5

�eld throughout the year (Fig. 2C). Also the subsurface EKE shows this signal (Fig. S5).6

To assess the magnitude and the depth at which the near-boundary sinking occurs, we sum the local vertical transport for7

the entire subpolar North Atlantic. First, we calculate the vertical transport for all model grid points and for every depth8

asW (x;y;z; t ) = w(x;y;z; t )A(x;y), whereA(x;y) is the area of the grid cell, which depends on its location(x;y) in our9

curvilinear grid. Second, we sumW over the horizontal domain shown in Fig. 2. We will refer to this net vertical transport as10

WP for simplicity. The vertical pro�le ofWP is shown in Fig. 3A. Large negative values ofWP are found between 500-2700 m,11

with the strongest downward transport located at a depth of 1139 m. By mass conservation we expect thatWP in our domain12

will be closely related to the transport at the southern boundary of the domain (45� N) since the North Atlantic Current is the13

dominant feature in the basin, although some mass contribution from the Arctic Ocean at75� N and through the Davis Strait14

can be expected (Rudels et al., 2005; Azetsu-Scott et al., 2012). A comparison between time series of minimumWP and the15

maximum o (Fig. 1B) yields an excellent agreement in magnitude:14:1 � 3:4Sv against� 13:6 � 4:1Sv (Fig. 1B and Fig.16

3A). If we compare the reversed time series of o at45� N (solid red line in Fig. 3B) with the time series ofWP at the depth of17

minimumWP (solid purple line) it is clear that also the seasonal signal matches, with the minimumWP in summer (August)18

and the maximum in winter (February). The broadest range of variability (maximum minus minimum) is around 12 Sv in both19

time series at� 1100 m depth. If we repeat the comparison after removing the seasonal signal from both time series (dashed20

lines in Fig. 3B) the high correlation persists (> 0:9), but with a reduced maximum range of variability of 5 Sv.21

3.2 Variation of sinking according to distance from the shelf22

In order to quantify how much sinking takes place near the boundaries versus in the interior we have �rst classi�ed all ocean23

grid points within the study area (domain in Fig. 2) according to their distance to the nearest bathymetric contour of 50 m of24

depth,C50 (inset map in Fig. 4); Next, we have accumulatedW starting fromC50 towards the interior at the depth whereWP25

(note the added spatial dependence) is at its minimum (at 1139 m, Fig. 3A). On average (dashed black line in Fig. 4),� 12 of26

� 13:6 Sv (� 90%) of WP occurs in the �rst 250 km off theC50. A �rst assessment suggests the existence of three different27

sinking regimes according to the distance toC50 (indicated as regimesI-II -III in Fig. 4):28

I Distance� 90km. This region presents the largest increase in sinking with respect to the distance toC50. It displays a small29

seasonal variation of less than2 Sv. The minimum accumulatedWP at 1139 m occurs in April (light orange line) and is30

around� 6 Sv over a distance of� 70km.31

II Distance between90� 250km. The accumulatedWP in this section remains intense though smaller than in regimeI with32

� � 7 Sv over 130 km. The magnitude of accumulatedWP increases until about 220 km fromC50. Between 220 and33
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Figure 2. (A) 15-year maximum mean vertical velocity (wmax ) for the North Atlantic Ocean. Contour lines denote the two longest 1000 m
bathymetric features, which are separated by the Denmark Strait and the Iceland-Scotland ridge. (B) Depth ofwmax plotted in (A). Black
dots mark those grid cells wherejwmax j is larger than 80mday � 1 . (C) 15-year variance of vertical velocity (� 2(w)) at a depth of 1139 m.
This depth corresponds to the depth at which the vertical transport associated with the AMOC peaks.
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Figure 3. (A) Mean pro�le of the net vertical transport (WP ) for the region of study [66� W � 20� E; 45� N � 75� N]. The annual mean
pro�le is shown by a thick black line; as the monthly climatology is indicated by gray lines. Mean and standard deviation (�; � ) are given in
the legend; the depth of largest sinking (1139 m) is indicated with a horizontal purple line. (B) Time series ofWP at 1139 m (purple lines,
in Sv) compared to the reversed time series of maximum o (Figure 1B) at45� N (red lines, in Sv). Solid lines include the seasonality while
dashed lines do not include the seasonal signal (see legend). The Pearson correlation coef�cient between both time series is over 0.9 for both
cases.

Figure 4. Cumulative net vertical transport (WP ) at a depth of 1139 m (in Sv) as a function of the distance from the bathymetric contour
of 50 m depth referred to asC50 (inset map in Fig. 4). If the grid cell bathymetry is shallower no value is added. The dashed black line
shows the annual mean. Monthly values of the 15-year simulation are shown in light gray, colored lines indicate the monthly climatology.
The regimes of sinking are indicated by roman numbersI -II -III , and the separation lines between them are also denoted by a brown and a
black triangle and by contours in the same color in the inset �gure.
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290 km the curve �attens, indicating that no additional sinking occurs or that it is locally compensated by rising waters.1

Seasonal variations are slightly larger than for regimeI , with values over3 Sv between the months of April (light orange2

line) and December (light brown line).3

III Distance> 250km. Beyond 250 km fromC50 the trend in accumulatedWP can revert completely with respect to regimes4

I andII depending on the season. During winter months, there is a net positive accumulatedWP (i.e. net upwelling)5

between 290 and 750 km; during summer months a negative accumulatedWP tends to occur. As a result, the �nal6

amount of accumulatedWP displays a large seasonal variability, with deviations of up to11 Sv between winter and7

summer months at a distance of over 750 km fromC50. The annual mean of accumulatedWP varies little with distance8

from the coast in this regime (only1� 2 Sv, compare the black dashed line in Fig. 4 at 290 km and at 1000 km). The9

seasonal variations strongly affect the accumulatedWP in some speci�c months (e.g. in February -light blue line- or in10

August -pink line-), yielding changes in the accumulatedWP of up to50%of what is seen in the �rst 290 km offC50.11

It is hypothesized that these three sinking regimes re�ect the effect of different processes contributing to the sinking. This is12

illustrated in Fig. 5, by means of a time-mean vertical cross-section of the horizontal and vertical velocity �eld (see inset panel13

A). First, there is sinking of waters between 500 and 2000 m along the Greenland shelf-slope all year round (black arrows on14

the right hand of panels A-D). This sinking is connected with regimesI andII (Fig. 4), and occurs within the boundary current15

(blue shading) below the mixed layer depth (light green line). Most of this sinking is constrained to a distance around200km16

off C50 in a region where isopycnals are tilted, and displays little seasonal variation. Second, there is a permanent anticyclonic17

eddy of about 200 km of diameter at 1000-1250 km south of the tip of Greenland that extends from the surface to a depth18

below 4000 m (shading), and generates both intense positive and negative vertical velocities at its �ank (black arrows). This19

pattern of interior rising/sinking of waters yield a small net annual mean vertical transport over the entire basin but signi�cant20

seasonal variability, which is re�ected in sinking regimeIII (Fig. 4).21

The boundary sinking found by Katsman et al. (2018) in a global ocean model and here characterized by regimesI andII22

is captured by the ageostrophic theory and in idealized models (Spall, 2010; Brüggemann and Katsman, 2019; Georgiou et al.,23

2019). Thus, the narrow band of sinking closer toC50 represented by the sinking regimeI is characterized by the preeminent24

role of the topographically induced dissipation, while the sinking farther offshore represented by regimeII is presumably25

largely driven by the presence of eddies near the boundary. Indeed, the amount of sinking is governed by eddy-advection in the26

cross-shore direction (Georgiou et al., 2019), so it is not surprising that this region presents a larger seasonal signal compared27

to the one described by regimeI (Fig. 4, see also the patches of strong EKE near the southern tip of Greenland in Fig. S5).28

Spall and Pickart (2001) derived a simple expression to estimate the magnitude of meridional overturning (MB ) —or by29

mass conservation, the downward vertical transportWP — near the boundary for a situation with a deep mixed layer:30

MB = WP =
g� � B h2

2� 0f
; (2)31
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Figure 5.15-year climatology of the velocity �eld at a cross-section between the southern tip of Greenland and the southern limit of the study
area (see inset in panel A, main surface currents denoted by black arrows). Each panel represents a seasonal average: (A) JFM (January-
February-March); (B) AMJ (April-May-June); (C) JAS (July-August-September); OND (October-November-December). The shading shows
theu component of velocity (units inms� 1); black arrows are velocity vectors constructed as (v; 1000� w). For clarity arrows are shown for
1 of every 3 horizontal grid points at certain depths. The green line depicts the seasonal mean mixed layer depth (in m), the black contours
denote the seasonal potential density anomaly,� � = � � 1000, for selected values. The limits of the proposed sinking regimes (I -II -III ) are
sketched in panel B through vertical dark red dashed lines.
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