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Abstract. To examine processes controlling the entrainment
of ambient water into the Denmark Strait overflow (DSO)
plume / gravity current, measurements of turbulent dissipa-
tion rate were carried out by a quasi-free-falling (tethered)
microstructure profiler (MSP). The MSP was specifically de-
signed to collect data on dissipation-scale turbulence and fine
thermohaline stratification in an ocean layer located as deep
as 3500 m. The task was to perform microstructure measure-
ments in the DSO plume in the lower 300 m depth interval
including the bottom mixed layer and the interfacial layer be-
low the non-turbulent ambient water. The MSP was attached
to a Rosette water sampler rack equipped with a SeaBird
CTDO and an RD Instruments lowered acoustic Doppler cur-
rent profiler (LADCP). At a chosen depth, the MSP was re-
motely released from the rack to perform measurements in a
quasi-free-falling mode.

Using the measured vertical profiles of dissipation, the en-
trainment rate as well as the bottom and interfacial stresses in
the DSO plume were estimated at a location 200 km down-
stream of the sill at depths up to 1771 m. Dissipation-derived
estimates of entrainment were found to be much smaller
than bulk estimates of entrainment calculated from the down-
stream change of the mean properties in the plume, suggest-
ing the lateral stirring due to mesoscale eddies rather than
diapycnal mixing as the main contributor to entrainment.
Dissipation-derived bottom stress estimates are argued to be
roughly one third the magnitude of those derived from log
velocity profiles. In the interfacial layer, the Ozmidov scale

calculated from turbulence dissipation rate and buoyancy fre-
quency was found to be linearly proportional to the overturn-
ing scale extracted from conventional CTD data (the Thorpe
scale), with a proportionality constant of 0.76, and a correla-
tion coefficient of 0.77.

1 Introduction

Dense water formed due to deep convection in the North At-
lantic is eventually involved in the global thermohaline over-
turning circulation called the “global ocean conveyor belt”.
The Denmark Strait is one of the most geographically con-
fined locations along this entire “conveyor belt” pathway,
carrying approximately half of the dense water formed in
the Greenland, Iceland, and Norwegian seas in the form of
a near-bottom “overflow” current that descends from the sill
depth of 600 to 2500 m at the southern tip of Greenland (Gir-
ton and Sanford 2003). The ultimate properties of the deep
water mass are therefore determined not only by the direct
processes of air–sea interaction that create the initial over-
flow water, but also by mixing with and entrainment of sur-
rounding fluid during the descent of the density current. For
this reason, the location, mechanism, and parameterization of
entrainment are of vital importance to the ability to simulate
deep water changes in ocean models.

Microstructure measurements in ocean overflows, aimed
to estimate kinetic energy dissipation rate, vertical turbulent
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fluxes of momentum/mass, and eventually entrainment, are
therefore highly desirable. Johnson et al. (1994a, b) esti-
mated bottom stress on the Mediterranean outflow plume by
applying a log-layer model to microstructure measurements
of turbulent dissipation rate. Dissipation-derived stress esti-
mates were found to be roughly one third of those obtained
in the log-layer from velocity profiles.

Based on microstructure measurements of dissipation pro-
files in the saline overflow plume in the Arkona Basin in the
Baltic Sea, Arneborg et al. (2007) estimated the bottom stress
(applying the law of the wall and the balance of dissipation of
turbulence kinetic energy and its production in a shear flow)
and entrainment (applying a parameterization of diapycnal
diffusivity from Osborn, 1980). Umlauf and Arneborg (2009)
reexamined data from microstructure measurements in the
Arkona Basin overflow plume and, applying a parameteriza-
tion of diapycnal diffusivity from Shih et al. (2005) (instead
of that of Osborn, 1980), arrived at an estimate of entrain-
ment one order of magnitude smaller than that of Arneborg
et al. (2007).

Peters and Johns (2005) used regular CTD profiles mea-
sured in the Red Sea outflow plume to extract turbulent over-
turning scales, or Thorpe scales, and equated them to Ozmi-
dov scales. On this basis, interfacial mixing was quantified in
terms of estimated turbulent dissipation rates, vertical turbu-
lent salt flux, and interfacial stress.

The entrainment into the overflow across the Greenland
Scotland Ridge through the Faroe Bank Channel, the deep-
est passage in the ridge, was studied by Fer et al. (2010) in
dedicated campaign where several sections across the plume
were obtained. The dissipation in the overflow plume was es-
timated by direct turbulence measurements and two regions
of intense dissipation were detected, one close to the bottom
and one at the interface with a quiet core in between. A strong
secondary transverse circulation was found within the plume.

The microstructure measurements of turbulent dissipation
rate in oceanic overflows, cited above, have been performed
by either expendable dissipation profilers (XDPs) (Lynch and
Lueck, 1989) or loosely tethered free-falling microstructure
profilers (MSP, Prandke et al., 2000). The standard XDP col-
lects data to a depth of 500 m and is equipped with a temper-
ature sensor and a sensor measuring one component of verti-
cal shear of horizontal velocity. However, there is a modified
XDP designed to reach depths of 1500 m. In comparison to
the XDP, the loosely tethered free-falling microstructure pro-
filers can be equipped with a much richer set of sensors (ve-
locity shear, fast temperature and/or conductivity, standard
CTD, and acceleration), collecting data to depths of 200–
300 m (Paka et al., 1999). The main goal of this work was to
design, manufacture, and deploy a modified loosely tethered
free-falling microstructure profiler capable of collecting data
in much deeper layers (up to 3500 m depth) and use mea-
surements from the profiler to estimate kinetic energy dissi-
pation rate, vertical turbulent fluxes of momentum/mass, and
entrainment in the Denmark Strait overflow (DSO) plume.

2 Instrumentation and methods

A microstructure profiler (MSP) has to move as a free-falling
body with constant velocity to avoid contamination of the
fluctuating velocity signal caused by a tight cable connecting
the probe to the rolling ship. Two types of MSPs are usu-
ally used: free-falling untethered ones, and quasi-free-falling
ones. Untethered, free-falling MSPs descend with constant
velocity under small negative buoyancy. At a planned lowest
depth, a ballast is released, and the MSP floats up to the sur-
face. Some time is then needed for searching and recovering
the MSP. Tethered MSPs, which use some kind of tether run-
ning loosely from the vessel and following the probe (Lueck
et al., 2002), are used to make the measurements more oper-
ative. Disturbances due to the tether on measurements from
the quasi-free-falling MSP are not disastrous if the profiling
depth is not too big and the drift of the ship is not too fast.
Otherwise, increasing the drag of the tether and increasing
the lateral component of the strain on the tether will create
irremovable interference. Our experience is that quasi-free-
falling profilers with a tether running from the ship work
properly if the profiling depth does not exceed 200–300 m
(Paka et al., 1999). For the DSO, the plume depth varies
from 700 to 3500 m. Thus, the common scheme of quasi-
free-falling profiling will not work.

To allow us to use the quasi-free-falling MSP at any depth,
we packed the tether in a special magazine inside the MSP.
The profiler consists of three main parts: (i) a heavy pres-
sure case with sensors and electronics in front, (ii) a floating
module with pressure-resistant glass spheres to compensate
for the negative buoyancy of the probe in the middle, and
(iii) a magazine for spacing the tether and mounting brushes
(hydrodynamic resistance). All three parts comprise a single
streamlined body. Only a limited amount of tether (500 m of
a 4 mm-thick cord) can be put in the magazine. Therefore,
to perform measurements at large depths, it is necessary to
deliver the profiler to the starting depth without using the
tether. We decided that the best carrier for the MSS is a stan-
dard Rosette water sampling CTD–LADCP system, which is
the main instrument for hydrographic surveys. Joining mea-
surements from a CTD and adding current velocity and mi-
crostructure measurements provides the microstructure anal-
ysis with necessary bulk parameters of the gravity current
and saves expensive ship time. Fig. 1 shows a photo of the
measuring system ready for deployment. Fig. 2 explains the
principle of releasing the MSP at any chosen depth.

The MSP is equipped with a PNS06 shear probe from ISW
Wassermesstechnik, a fast thermistor (model FP07) from GE
Thermometics, a 7-ring conductivity cell and high-precision
temperature sensor from Idronaut S.r.l., a pressure sensor
(model D-25) from PROMPRIBOR (www.prompribor.ru), a
3-component accelerometer (model ADXL203) from Ana-
log Devices, Inc., and some auxiliary sensors reserved in the
event of accidents. No recording occurs on the MSP from the
launch at the ship until the MSP is released from the rack.
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Fig. 1. Photograph of the deployed system. The MSP is the light-
colored object on the right. Also shown are the Rosette water sam-
ples, the RDI LADCP, and the SBE CTDO.

Recording is switched on at the moment of releasing the MSP
from the rack, as described in Fig. 2. Data are stored on the
MSP on an easily replaceable flash memory card.

3 Data

The DSO plume was observed during R/VMARIA S.
MERIANcruise MSM21-1b in the summer season 2012. All
the measurements presented here were made in two locations
close to each other at a distance about 200 km from the Den-
mark Sill (Fig. 3). The dates and depths of the combined
CTDO/LADCP/MSP measurements are provided in Table 1.
All MSP casts began in quiescent ambient water, crossed the
interfacial layer, and entered into the adjacent bottom homo-
geneous layer; only 5 of 17 casts did not reach the sea bed.
Due to strong currents, the bottom was firm enough to pre-
vent deep penetration of guarding bars into the ground, so the
risk of sensors being broken was not very high; this occurred
only once, resulting in a broken shear probe. We considered
the risk of breaking sensors justified because obtaining data
from the bottom boundary layer is crucial for a full descrip-
tion of the gravity current. The rosette casts were stopped 5 to
10 m above the bottom, so the background salinity, density,
and current velocity profiles did not reach the bottom, though
the MSP provided the missed ends of the salinity/density pro-
files.

An example of the data obtained is presented in Fig. 4 for
station 119. The left panel contains plots of full depth back-
ground temperature, salinity, density, and dissolved oxygen,
measured by the Rosette CTDO. Note the top of the DSO

Fig. 2. Principle of releasing the MSP from the rack at a chosen
depth. 1 – the trigger assembly on the Rosette rack, 2 – attached
load for accelerating the MSP (needed due to the small negative
buoyancy of the MSP), 3 – rope fastening the acceleration load to
the rack, 4 – trigger, 5 – belts holding the MSP to the rack before
release, 6 – turning support, which prevents the MSP from hitting
the rack when released, 7 – the main tether, 8 – release cord for
the magnet, 9 – magnet, which switches the MSP recording on.(A)
shows the configuration before releasing the MSP; in this config-
uration the MSP is tightly fastened to the rack by two belts;(B)
shows the beginning of the release as belts are unlocked by drop-
ping a load, and the MSP moves down and aside due to the joint
action of the accelerating load and the turning support;(C) shows
the beginning of the free fall as the magnet is pulled out and the
MSP recording starts.

around 1260 dBar. The shadowed region at the bottom of
the plot corresponds to the depths of microstructure profil-
ing. Once the Rosette rack reached the bottom of its drop, it
was lifted to the starting point for the MSP data. This starting
point was chosen typically at 320 m above the bottom. In this
cast, the start of the MSP profiling is about 110 m above the
top of the DSO interface. The MSP measurements typically
started some 15 min after the Rosette rack reached its deepest
depth.

The middle panel in Fig. 4 presents current velocity com-
ponents measured by the LADCP as well as temperature,
salinity, and potential density measured by the MSP with
maximum spatial resolution. Only light smoothing of the sig-
nals was performed to mitigate the noise but to save useful
information. There were no special measures against spik-
ing contaminating the salinity and density plots, which was
considered inevitable but easily recognized. MSP mounted
CTD and microstructure signals along with pressure are plot-
ted versus counts instead of pressure (1 count= 0.002 s). The
right plot in Fig. 4 shows temperature gradient derived from
the fast temperature signal, to characterize the microstructure
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Fig. 3.The research area in 2012. The locations of the stations with MSP/CTDO/LADCP measurements are marked by black circles.

of scalar fields. The two right-most plots are the measured
velocity shear signal and the turbulent kinetic energy dissipa-
tion rate,ε, calculated from the variance of the vertical cur-
rent shear fluctuations in the 2–24 Hz frequency window. The
variance was taken as the non-overlapping running mean of
500 counts of the vertical current shear fluctuation squared,
which corresponds to vertical averaging over approximately
0.6 m.

The plots presented in Fig. 4 enable us to estimate the data
quality of the MSP/CTDO/LADCP system. The background
data in Fig. 4 show the presence, bounds, and bulk structure
of the DSO plume, and are consistent with numerous pre-
vious investigations. The MSP data show the distribution of
properties of the microstructure within the layers specified
above. The pressure plot versus counts in the middle plot
shows a consistent linearity with time until the moment the
MSP hits the sea floor; this event is marked by a sharp break
in the slope of the pressure signal. The shaded panel space
below this moment marks the end of profiling. When the
system hits the sea floor, the behavior of the shear velocity
signal is expected to be radically changed. It is worthwhile
noting that the sharp increase in the shear signal occurred
several seconds before reaching the sea floor, which clearly
corresponds to a real increase of turbulence dissipation in the
bottom boundary layer.

4 Results

4.1 Vertical structure of the overflow plume

Examples of vertical profiles of magnitude,|V | = (u2
+

v2)1/2, and direction,ϕ, of the flow velocity vector,(u,v),
salinity, S, potential temperature,θ , potential density,ρθ ,
Richardson number, Ri, and viscous dissipation rate of ki-
netic energy of turbulence,ε, are presented in Figs. 5 and
6. The Ri andε are defined as Ri=

(
u2

z + v2
z

)
/N2 and

ε = 7.5ν
〈
u′2

z

〉
, respectively, whereN2

= −(g/ρ0)(∂ρθ/∂z)

is the buoyancy frequency,uz, vz, ∂ρθ/∂z are vertical gra-
dients of flow velocity components and potential density
calculated from LADCP and SeaBird CTD data as the fi-
nite differences at vertical increments of 10 m,

〈
u′2

z

〉
is the

variance of the vertical current shear fluctuations (u′
z) cal-

culated from the shear probe on the MSP,ν = (1.79–1.54)
10−6 m2 s−1 is the kinematic viscosity in the temperature
range of 0–5◦C,g = 9.81 m s−2 is gravitational acceleration,
ρ0 = 1000 kg m−3 is the reference density of water, and the
angle brackets denote averaging. In these figures, the vertical
coordinatez is increasing upward fromz = 0 at the sea floor.

The gravity flow in the west–southwest direction occupies
a near-bottom layer up to 200 m thick. The main body of the
overflow plume consists of a well-developed bottom mixed
layer approximately 50–100 m thick and an interface (gradi-
ent) layer with a similar range of thickness (cf. Fig. 5a and b).
The maximum value of the gravity flow velocity (up to 1.0 m
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Fig. 4.An example of the MSP/CTDO/LADCP data obtained at station 119 (see text for details).

s−1) is observed at the lower edge of the interface layer. A
similar location of the velocity maximum at the boundary be-
tween the bottom layer and the interfacial layer was reported
by Johnson et al. (1994b) from the Mediterranean outflow
plume. We believe the coincidence of the depth of the maxi-
mum flow velocity with that of the lower edge of the interface
layer is an argument in favor of the formation of the bottom
mixed layer beneath the gravity flow due to convective over-
turns. Indeed, there is a simple mechanism common to all
gravity currents that would lead to a transport of dense wa-
ter over light water, namely, a combination of the negative
downstream density gradient and the location of the maxi-
mum velocity of the gravity current at some distance above
the bottom. In this case, the maximum-velocity, dense water
layer flowing above the bottom simply overtakes the near-
bottom quiescent layer, and convective overturning produces
vertical homogeneity of the gravity current underneath. The
shear-generated turbulence alone, even though it is highly en-
ergetic, has a limited potential to form ‘pure’ vertical homo-
geneity, because the higher turbulence will entrain the above-
lying light water. One more argument in favor of the convec-
tive formation of the bottom mixed layer is a weak hydrostat-

ically unstable density stratification frequently observed un-
der gravity currents (Paka et al., 2010; Zhurbas et al., 2011).

Conditions for stratified shear flow instability, Ri< 0.25,
above the bottom mixed layer whereN2 is vanishingly small,
are frequently satisfied in an upper marginal zone of the in-
terface layer where entrainment takes place (in depth ranges
of 180–220, 140–170 and 48–78 m in Figs. 5a, b and 6, re-
spectively), and occasionally in the interior of the “thick” in-
terface layer (e.g., in a depth range of 120–140 m in Fig. 5a).

The thickness of the DSO plume is known to display high
variability within 40 to 400 m (Girton and Sanford, 2003),
likely due to mesoscale eddies. For example, at St. 123, lo-
cated at a sea depth of 1766 m, the thicknesses of the over-
flow plume / gravity current and the bottom mixed layer are
decreased to approximately 80 and 8 m, respectively (Fig. 6).

The dissipation rateε has a background noise level of ap-
proximately 2× 10−9 m2 s−3 above the gravity current and
increases by a factor of 10 to 1000 in the gravity current.
There is also a rapid increase ofε some 10 to 100 times as
z → +0, which is observed in cases when the microstructure
sonde reaches the sea floor (cf. Fig. 5b, and Fig. 6). This lat-
ter increase will be discussed in detail in Sect. 4.3.

www.ocean-sci.net/9/1003/2013/ Ocean Sci., 9, 1003–1014, 2013
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Table 1.Parameters of the overflow plume estimated at different stations.

Station Date/ Sea U B, ms−2 H , m we, 10−6, u∗, u∗e, E =
we
U

Fr Cd =

# Time, depth, Umax, ms−1 ms−1 ms−1 Eq. (6) u2
∗

U2 ,
u2

∗

U2
max

Jun 2012 m ms−1 Eq. (6)/ Eq. (11) Eq. (6) Eqs. (1–5)
Eqs. (1–5) Eqs. (1–5)

119 13/05:16 1430 0.621 0.00361 145.2 33.9 0.0187 4.6× 10−3 5.5× 10−5 0.86 0.91× 10−3

0.678 2.02 1.1× 10−3 3.3× 10−6 0.76× 10−3

120 13/07:19 1430 0.705 0.00354 140.4 18.7 – 3.6× 10−3 2.7× 10−5 1.00 –
0.763 1.80 1.1× 10−3 2.6× 10−6 0.11

123 13/20:35 1766 0.293 0.00168 81.8 132.0 0.0161 6.2× 10−3 45.0× 10−5 0.79 3.0× 10−3

0.366 6.70 1.4× 10−3 22.9× 10−6 1.9× 10−3

124 13/23:09 1771 0.293∗ 0.00138 95.5 80.2 0.0129 4.8× 10−3 27.0× 10−5 0.81 1.9× 10−3

0.366 6.64 1.4× 10−3 22.7× 10−6 1.2× 10−3

128 14/10:28 1474 0.702 0.00263 125.1 42.1 – 5.4× 10−3 6.0× 10−5 −6 1.22 –
0.624 3.13 1.5× 10−3 4.5× 10

129 14/16:05 1473 0.909 0.00282 162.8 57.4 – 7.2× 10−3 6.3× 10−5 1.34 –
0.954 3.71 1.8× 10−3 4.1× 10−6

130 14/18:22 1473 0.903 0.00319 154.6 30.1 – 5.2× 10−3 3.3× 10−5 1.29 –
0.939 2.86 1.6× 10−3 3.2× 10−6

144 16/09:43 1438 0.524 0.00297 189.3 21.2 – 3.3× 10−3 4.1× 10−5 0.70 –
0.563 2.02 1.0× 10−3 3.9× 10−6

145 16/12:02 1442 0.508 0.00299 209.7 19.3 – 3.1× 10−3 3.8× 10−5 0.64 –
0.596 1.49 0.9× 10−3 2.9× 10−6

146 16/15:16 1443 0.347 0.00242 210.8 34.7 – 3.5× 10−3 10.0× 10−5 0.49 –
0.627 2.16 0.9× 10−3 6.2× 10−6

148 16/20:11 1454 – 0.00274 194.3 13.2 – – – – –
1.55

158 18/01:14 1439 0.374 0.00206 139.5 5.2 0.0142 1.4× 10−3 1.4× 10−5 0.70 1.4× 10−3

0.592 1.35 0.7× 10−3 3.6× 10−6 0.58× 10−3

160 18/06:07 1440 0.327 0.00172 143.9 9.4 0.0115 1.8× 10−3 2.9× 10−5 0.66 1.2× 10−3

0.414 1.29 0.6× 10−3 3.9× 10−6 0.77× 10−3

178 19/19:43 1441 0.542 0.00280 176.1 32.0 0.0294 4.2× 10−3 5.9× 10−5 0.77 2.9× 10−3

0.795 1.34 0.9× 10−3 2.5× 10−6 1.4× 10−3

179 19/21:59 1440 0.640 0.00268 179.0 35.5 0.0245 4.8× 10−3 5.6× 10−5 0.92 1.5× 10−3

0.819 2.55 1.3× 10−3 4.0× 10−6 0.89× 10−3

180 20/00:22 1444 0.699 0.00305 183.9 43.9 – 5.5× 10−3 6.3× 10−5 0.93 –
0.853 2.34 1.3× 10−3 3.3× 10−6

181 20/02:43 1445 0.724 0.00309 178.6 36.0 – 5.1× 10−3 5.0× 10−5 0.97 –
0.916 2.01 1.2× 10−3 2.8× 10−6

∗ Since the near-bottom gravity current was poorly resolved by the LADCP at St. 124, the estimate ofU from the previous St. 123 is used.

4.2 Microstructure estimates of entrainment

Depending on the turbulence intensity parameter in strati-
fied media,ε/νN2, the vertical eddy diffusivity of massKρ

calculated from the measured quantities(ε,N2) can be esti-
mated from Shih et al. (2005):

Kρ =

{
0.2ε/N2 for7 < ε/νN2 < 100
2ν(ε/νN2)1/2 forε/νN2 > 100

. (1)

The parameterization (Eq. 1) comprises results of both lab-
oratory experiments and direct numerical simulations; the
moderate turbulence intensity regime (7< ε/νN2 < 100)
corresponds to stationary turbulence (Osborn, 1980), while
the energetic regime (ε/νN2 > 100) corresponds to growing
turbulence (Shih et al., 2005).

An alternative approach to parameterizingKρ was used by
Peters and Bokhorst (2001) in the form

Kρ = γ (Ri)ε/N2, (2)

where γ = Rf/(1− Rf) is the turbulent mixing efficiency,
Rf = Ri/Prt is the flux Richardson number, and Prt is the
turbulent Prandtl number. The mixing efficiencyγ = γ (Ri)
is taken as an empirical function of the gradient Richard-
son number Ri, with asymptoticsγ ≈ 0.2 at Ri≥ 0.25 and
γ ∼ Ri at Ri→ 0. The parameterization (Eq. 2) seems to be
more suitable for geophysical flows than Eq. (1), because the
former is based on a stationary balance of turbulent kinetic
energy in production–dissipation–buoyancy flux equilibrium
suggested by Osborn (1980), while the latter corresponds to
unsteady, growing turbulence atε/νN2 > 100. However, we

Ocean Sci., 9, 1003–1014, 2013 www.ocean-sci.net/9/1003/2013/
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Fig. 5. Vertical profiles of modulus |V |and directionϕ of current
velocity, salinity S, potential temperatureθ and densityρθ , the
Richardson numberRi, and the dissipation rateε in the DSO plume
at stations(a) 120 and(b) 158.

cannot apply Eq. (2) because we do not possess simultane-
ous vertical profiles of Ri,ε andN2; as discussed in Sect. 3,
the LADCP/CTDO casts used to estimate Ri were taken ap-
proximately half an hour before the MSP casts. In such cir-
cumstances, it seems worthwhile to calculateKρ both from
the Osborn (1980) formulationKρ = 0.2ε/N2 and from the
Shih et al. (2005) formulation (Eq. 1); the former is used for
an upper estimate of eddy diffusivity and the latter for a lower
estimate.

The bulk structure of the gravity current can be described
by the bulk thickness,H , buoyancy jump,B, and velocity,
U , defined following Arneborg et al. (2007) as

Fig. 6.The same as in Fig. 5, but for St. 123, displaying a relatively
thin overflow plume with the bottom mixed layer almost missing.

BH =

∞∫
0

g
ρθ (z)−ρθ (∞)

ρ0
dz =

∞∫
0

g∗ dz

BH2

2 =

∞∫
0

g∗zdz

U = (U2
b + V 2

b )1/2, UbH =

∞∫
0

udz,VbH =

∞∫
0

vdz

(3)

The entrainment rate,we ≡ ∂H/∂t , can, in view of Eq. (3),
be expressed as

we = 2
∂

∂t

 ∞∫
0

g∗zdz/

∞∫
0

g∗ dz

 = 2
∂

∂t

 ∞∫
0

g∗zdz

/

∞∫
0

g∗ dz. (4)

The second equality in Eq. (4) is valid because
∂(BH)/∂t = 0 in the course of vertical mixing/entrainment.
Evolution of the density profile due to vertical mix-
ing/entrainment is described by the diffusion equation

∂ρθ

∂t
= −

∂
〈
w′ρ′

〉
∂z

=
∂

∂z

(
Kρ

∂ρθ

∂z

)
, (5)

and, in view of Eq. (5), Eq. (4) can be transformed to
(Arneborg et al., 2007)

we =
2

BH

∞∫
0

g

ρ0

〈
w′ρ′

〉
dz =

2

BH

∞∫
0

KρN2dz. (6)

Note that if one ignores the second equation of Eq. (1)
for large values ofε/νN2, and focuses on the original Os-
born (1980) formulationKρ = 0.2ε/N2, the entrainment rate
(3′) can be expressed as

we = 0.4

∞∫
0

εdz/

∞∫
0

g∗ dz. (7)

www.ocean-sci.net/9/1003/2013/ Ocean Sci., 9, 1003–1014, 2013



1010 V. Paka et al.: Microstructure measurements and estimates of entrainment

Fig. 7.Measurements of entrainment ratioE plotted as a function of
the bulk Froude numberFr (a replica of Fig. 2 by Wells at al. (2010)
supplemented with this study data). The data comes from field and
laboratory experiments over a wide range of Reynolds numbers.
The oceanic data span five location sites: the Mediterranean over-
flow (Baringer and Price, 1997), Denmark Strait (Girton and San-
ford, 2003; this study), Faroe Bank Strait (Mauritzen et al., 2005),
the Baltic Sea (Arneborg et al., 2007), and Lake Ogawara (Dal-
limore et al., 2001). Two red and two magenta pentagons present
our estimates ofE from Eqs. (7) and (1–6), respectively.

In practice, there is a difficulty in using Eqs. (1) and (6)
to calculate entrainment to the gravity current, because the
parameterization (Eq. 1) is not valid in the bottom mixed
layer where the density stratification is close to neutral and
the mixing parameter is expected to be infinitively large
(ε/νN2

→ ∞). To treat this difficulty, one can accept that the
buoyancy flux,KρN2, is linearly growing withz within the
bottom mixed layer fromKρN2

= 0 at z = 0 to some posi-
tive value(KρN2)i > 0 at the base of the above-lying interfa-
cial/stratified layer. Note that the linear growth of the buoy-
ancy flux withz, in view of Eq. (5), corresponds to neutral
stratification (i.e.,∂ρθ/∂z = 0) in the bottom mixed layer. To
estimate(KρN2)i , we will take the average value ofKρN2

within the interfacial layer. All the same, Eq. (7) is not appli-
cable within the bottom mixed (uniform density) layer where
the buoyancy flux is expected to increase linearly withz.

Fig. 8. A closeup ofε versusz in the near-bottom layer (the low-
est 10 m) for a number of stations when the microstructure sonde
reached the sea floor. Numbers on the panel are the station numbers.
Thin straight-line segments with a slope of−1 are the theoretical
curves given by Eq. (11).

Using the MSP and LADCP data, we calculated the bulk
parameters of the gravity current (U , B, and H ) as well
as the entrainment ratewe. Finally, we arrived at the non-
dimensional parameters – the entrainment ratio,E, and the
Froude number,Fr, defined as

E =
we

U
, Fr =

U

(B H)1/2
. (8)

ParametersU , B, H , we (calculated using either Eqs. (1–
6) or Eq. (7) along with the assumption of a linear growth
of the buoyancy fluxKρN2 with z in the bottom mixed
layer), E, and Fr calculated for each station are given in
Table 1. First of all, one can see from the table that the
Eqs. (1–6) approach usually results in more than an or-
der of magnitude smaller values ofwe than that using
Eq. (7) (we = (1.3–6.7) 10−6 m s−1) versuswe = 5.2 10−6–
1.32 10−4 m s−1). A similar mismatch can be found in
the microstructure estimates of entrainment rate obtained
in the Arkona Basin of the Baltic Sea (Arneborg et al.,
2007; Umlauf and Arneborg, 2009): the approach (Eq. 7)
broughtwe = 4.8× 10−6–7.5× 10−5 m s−1 (Arneborg et al.,
2007), while Umlauf and Arneborg (2009) reportedwe =

2.1× 10−6 m s−1 applying the approach (Eqs. 1–6) to the
same data set. As we have already mentioned, estimates of
entrainment obtained using the Osborn (1980) and Shih et
al. (2005) parameterizations of eddy diffusivity can be con-
sidered as the upper and lower limits, respectively.

The MSP and LADCP measurements presented in Table
1 refer to 17 stations located at two points downstream of
the DS sill: one at a sea depth∼ 1760 m (St. 123–124), and
a second at∼ 1450 m (the remaining stations). The gravity
current at the 1450 m site was highly variable (U = 0.33–
0.91 m s−1), likely due to cyclonic eddy activity. The mean
values of the entrainment ratio, obtained from Eqs. (1–5)
and Eq. (7) accordingly, and the Froude number for these
two sites areE = 3.6 10−6 and 5.0 10−5, Fr = 0.89 (for the
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1450 m site) andE = 2.3 10−5 and 3.6 10−4, Fr = 0.80 (for
the 1760 m site).

Figure 7 is a reproduction of Fig. 2 by Wells et al. (2010)
representing an empirical dependence of the entrainment ra-
tio E versus Froude numberFr collected from different field
and laboratory experiments. We have added two pairs of ex-
tra points in this figure that came from this study (the red and
magenta pentagons). To our mind, these new estimates ofE

andFr fit well with the general tendency seen in Fig. 7.

4.3 Microstructure estimates of bottom and interfacial
stresses

We apply the law of the wall

uz =
u∗

κz
(9)

and a stationary balance of kinetic energy of turbulence in
the form

−
〈
u′w′

〉
uz = ε +

g

ρ0

〈
ρ′w′

〉
+

1

ρ0

∂
〈
p′w′

〉
∂z

, (10)

where the prime denotes a fluctuation of a velocity com-
ponent, pressure, or density, andκ = 0.4 is the von Kár-
mán constant, within the near-bottom constant stress layer
(−

〈
u′w′

〉
= u2

∗ = const). Taking into account that the buoy-
ancy flux vanishes at the sea floor (

〈
ρ′w′

〉
→ 0 at z → +0),

and neglecting the vertical divergence of pressure flux, one
can arrive at the relationship betweenε andu∗:

ε =
u3

∗

κz
. (11)

Equation (11) forecasts an inversez-dependence ofεin the
near-bottom constant stress layer, which can be verified by
our microstructure measurements in the DSO plume.

Figure 8 presents a closeup ofε versusz in a 10 m-
thick near-bottom layer for a number of stations where the
microstructure sonde reached the sea floor. Despite con-
siderable irregularities, the plots clearly display an inverse
power-like z-dependence of dissipation rate,ε ∼ z−α, with
α roughly estimated within the range of 0.7–2. In view of
Eq. (11) and Fig. 8, we propose that the friction velocity
at the bottom,u∗, can be estimated as the mean value of
(κzε)1/3 in a 10 m-thick near-bottom layer, or:

u∗ =

〈
(κzε)1/3

〉
z≤10m

. (12)

Estimates of u∗ obtained through Eqs. (11–12) are
given in Table 1. They vary in the range ofu∗ = 0.012–
0.029 m s−1, so that respective values of drag coefficient,
Cd = (u∗/U)2, are confined within the generally accepted
range ofCd =(0.9–3.0)10−3, with a mean value and stan-
dard deviation of〈Cd〉 =(1.83± 0.82 ) 10−3. If the drag co-
efficient is defined asCd = (u∗/Umax)

2, whereUmax is the

Fig. 9.Ozmidov scale versus Thorpe scale in the interfacial layer.

maximum value of the overflow velocity at a given station
(as was done by Johnson et al., 1994a, b), it will be confined
to the range ofCd =(0.58–1.9)10−3, with a mean value of
〈Cd〉 = (1.07± 0.46) 10−3.

The interfacial stress retarding the plume due to entrain-
ment,τe, can be written as (Phillips, 1977)

τe = ρ0weU, (13)

and the interfacial friction velocity,u∗e =
√

τe/ρ0 becomes

u∗e =

√
weU. (14)

Calculations presented in Table 1 show that the interfacial
stress estimated using Eqs. (1–5) and (14) is mostly more
than an order of magnitude smaller than the bottom stress
estimated from dissipation profiles in the DSO plume.

Obtained values ofu∗ are worth comparing with sim-
ilar estimates by Johnson et al. (1994a) and Umlauf and
Arneborg (2009) based on application of (Eq. 11) to mi-
crostructure measurements of dissipation profiles in ocean
overflow plumes. Umlauf and Arneborg (2009) reported
u∗ = 0.011 m s−1 in a saline water overflow in the Baltic
Sea, while Johnson et al. (1994a) reportedu∗ = 0.004–
0.062 m s−1 in the Mediterranean outflow plume. It is re-
markable that our estimate of the drag coefficient based on
dissipation measurements,〈Cd〉 =

〈
u2

∗/U2
max

〉
=(1.07± 0.46

) 10−3, is close to that of Johnson et al. (1994a)
Cd = (0.8± 0.2)10−3. Note that in the notation of Johnson et
al. (1994a and b), the number next to± is twice the standard
error of the mean, while in ours it is the standard deviation of
the mean. To our mind, the latter statistic is more universal,
containing “pure” information about the scatter of empirical
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estimates of a quantity regardless of the nature of the scatter,
while the former makes sense only if the very quantity is be-
lieved to be constant and the scatter is due to measurement
inaccuracy.

Johnson et al. (1994a) reported thatCd obtained from dis-
sipation measurements in the Mediterranean outflow plume
and Eq. (11) is a factor of 3 smaller than that of velocity
measurements and the law of the wall (Eq. (9)). Moreover,
Dewey and Crawford (1988) found a factor of 4.5 between
stress estimates on the continental shelf from dissipation and
from velocity data. Unfortunately, the LADCP data obtained
in the DSO plume along with the dissipation data are not suit-
able for estimating the stress in the bottom layer using the log
model, because the closest-to-bottom velocity reading of no
less than 70 % of the maximum velocity was taken approx.
30 m above the bottom (see Figs. 5 and 6), which is undoubt-
edly outside the constant stress bottom layer. However, we
may use for comparison an estimate of drag coefficient of
Cd = (2.9± 0.4)10−3, obtained in the DSO plume from ve-
locity (XCP) profiles (Girton and Sanford, 2003), which ex-
ceeds our dissipation-based estimate by a factor of 2.7. Note
that the value of drag coefficient in ocean overflows is highly
variable and may be much larger than 0.003; direct measure-
ments of the Reynolds stress in the Red Sea outflow plume
(Peters and Johns, 2006) foundCd as large as 0.008–0.009 at
one location.

Johnson et al. (1994a) considered five possible reasons for
the discrepancy between bottom stress estimates,τε andτs,
derived from dissipation and velocity data, respectively. (a)
Form drag over the rough bottom could be important within
the boundary layer, such thatτε would underestimate the
real bottom stress. Form drag produces pressure and velocity
anomalies, and vertical divergence of these anomalies (the
third term in the right hand side of Eq. (10)) is a local sink
for turbulent kinetic energy, just like dissipation. (b) Internal
(downstream) pressure gradients might cause von Kármán’s
constant to decrease from the value used, affecting the ra-
tio and the absolute magnitudes of the two stress estimates,
inflating τε over τs (in view of Eqs. (9) and (12)). (c) Par-
tial geostrophic balance in the boundary layer is not taken
into account in calculatingτs, and may also inflate it (trans-
verse circulation in the plume produces horizontal gradients
of density and, therefore, provides the geostrophic reduc-
tion in downstream velocity toward the bottom (MacCready
and Rhines, 1993), complementary to the shear supported
by stress. (d) Neglecting buoyancy flux within the bottom
boundary layer may reduceτε. (e) Theτε may underestimate
the stress due to undersampling of intermittent dissipation
within the boundary layer. Johnson et al. (1994a) concluded
eventually that the local bottom stresses estimated from ve-
locity profiles are closer to the actual mean bottom stresses
than those from the dissipation measurements.

Therefore, we believe that, similar to the Mediterranean
outflow plume, our dissipation-derived values underestimate

the real values of bottom stress and drag coefficient in the
DSO plume by a factor of approximately 3.

4.4 Ozmidov scale vs. Thorpe scale

In highly energetic turbulent stratified flows like the DSO,
there is a possibility of quantifying turbulent mixing on the
basis of overturning scales extracted from conventional CTD
data. Thorpe (1977) first showed how to extract a turbulence
length scale from potential density profilesρθ (z), or, in the
case of freshwater, from potential temperature profilesθ(z).
Sorting discrete profiles of eitherρθ (z) or θ(z) into mono-
tonic sequences is associated with vertically displacing wa-
ter parcels by the turbulent displacement distance,ς . The

Thorpe scale,LTh, is defined as the rms ofς : LTh =
〈
ς2

〉1/2
,

and can be interpreted as the size of the largest turbulent ed-
dies that can exist in a stratified flow, given that they have
finite kinetic energy and therefore can only do finite work
against buoyancy forces (Dillon, 1982). The same physical
sense has previously been attributed to the Ozmidov scale,
LO ≡ ε1/2N−3/2 (Ozmidov, 1965). Dillon (1982) and many
later studies confirm that, on average,

LO = CLLTh, (15)

whereCL is often taken as a constant close to 1 (Crawford
1986; Dillon and Park 1987; Peters et al., 1995). Given the
validity of Eq. (15) withCL = 1, Peters and Johns (2005) es-
timated turbulent dissipation rates, vertical turbulent salt flux,
and interfacial stress in the Red Sea outflow plume from con-
ventional CTD data and thereby quantified interfacial mix-
ing.

Since the DSO plume is not characterized by any size-
able level of thermoclinicity, which makes the formation
of potential temperature inversions by lateral intrusions im-
probable, one can use potential temperature instead of po-
tential density to calculate the Thorpe scale, thereby avoid-
ing false inversions in CTD-derivedρθ (z) arising from the
mismatch of temperature and conductivity sensor response
times. In this study, the Thorpe and Ozmidov scales were
calculated from MSP data as the running average in approx-
imately 20 m vertical bins providing statistical estimates of〈
ς2

〉1/2
in the range of

〈
ς2

〉1/2
≤10 m with the number of

degrees of freedom≥ 2.
The Ozmidov scale versus the Thorpe scale calculated in

the interfacial layer of the DSO plume from MSP data is
plotted in Fig. 9. To produce the plot, we made use of mi-
crostructure measurements in stations with a wide interfacial
layer only (like that of St. 120 shown in Fig. 5a), where the
whole layer allowed binning in several pieces of 20 m-thick
layers with more or less uniform gradients and fluctuation
intensity. Given that the two fields,LO andLTh, are derived
from completely different estimates, they show a strikingly
good correlation, with a correlation coefficient ofr = 0.77
andCL = 0.76, where the latter value was obtained from a

Ocean Sci., 9, 1003–1014, 2013 www.ocean-sci.net/9/1003/2013/



V. Paka et al.: Microstructure measurements and estimates of entrainment 1013

least squares fit. This fact greatly inspires confidence in the
dissipation estimates extracted from the shear probe on the
MSP.

5 Discussion and conclusion

Giving that the downstream decrease in the mean density of
the plume,dρθ/dξ < 0, whereξ is the downstream distance
from the sill, is due to the entrainment of ambient fluid, Gir-
ton and Sanford (2003) expressed the entrainment rate as

we =
UH

ρ′

dρθ

dξ
, (16)

where ρ′ < 0 is the density anomaly of entrained am-
bient water relative to the plume. Using data from
XCP/XCTD/CTD profiling in the DSO plume in 1997–1998,
they estimated the entrainment ratewe at 4 10−5 and 8
10−4 m s−1 before and afterξ = 125 km. We note that our
dissipation-derived estimates ofwe presented in Table 1 are
1–2 orders of magnitude smaller when derived from Eqs. (1–
6) (we = (2.1± 0.7) 10−6 and (6.7± 0.1) 10−6 m s−1 in the
1450 and 1760 m sites, respectively), and a factor of 1.4–8.0
smaller when derived from Eq. (7) (we = (2.9± 1.4) 10−5

and (1.0± 0.4) 10−4 m s−1 in the 1450 and 1760 m sites, re-
spectively) than bulk estimates from (Eq. 16) . The entrain-
ment rate at the 1760 m site is found to be a factor of 3 larger
than that at the 1450 m site, likely due to a reduced thickness
of the bottom mixed layer in the former (see Fig. 6), which is
favorable for an increase of the share of turbulent kinetic en-
ergy generated by bottom friction to work against buoyancy
forces rather than be dissipated by viscosity. Taking into ac-
count uncertainties in our estimates ofwe, one may never-
theless suggest that the vertical turbulent mixing is not the
major process controlling entrainment in the DSO plume at
approx. 200 km from the sill, where our microstructure mea-
surements were obtained.

A competitive process that can control entrainment is
the lateral stirring of different water masses produced by
mesoscale eddies. The DSO is known for its high variabil-
ity on timescales of 1–12 days (Dickson and Brown, 1994).
Pulses of strong current velocity are accompanied by dome-
like disturbances of the plume interface travelling with the
velocity of the overflow plume. These cold water domes
of 20–40 km in diameter are connected to mesoscale ed-
dies reaching throughout the whole water column. These
eddies have cyclonic rotation on the sea surface, and have
been repeatedly observed in satellite altimetry (Høyer and
Quadfasel, 2001) and infrared imagery (Bruce, 1995; Krauss,
1996). Using time series of currents and temperature in
the DSO plume from moored instrumentation and classi-
cal hydrographic data, Voet and Quadfasel (2010) estimated
lateral heat fluxes produced by fluctuations in temperature
and cross-stream components of velocity on timescales of
the mesoscale eddies. The lateral heat fluxes caused by

mesoscale eddies were found to explain the observed down-
stream warming of the plume after 200 km from the sill. In
view of the lack of data, the authors failed to estimate the
lateral heat fluxes in the first 200 km from the sill, where the
warming of the plume is a factor of 5 and larger and, there-
fore, the contribution of diapycnal mixing to entrainment is
expected to be more essential. Since there are no dissipation
data available in this range of distances, the question of the
relative contribution of diapycnal and lateral mixing to en-
trainment remains open.

As pointed out by Hartmut Peters, a reviewer, there is an-
other reason why bulk entrainment rates can be larger than
local values derived from turbulence measurements. Nash et
al. (2012) have pointed out the importance of small-scale
features in the bottom topography. The flow appears to be
hydraulically controlled at a small topographic constriction,
with turbulence and internal waves varying together and in-
creasing dramatically downstream of a choke point. Choke
points for outflows can harbor turbulence, that is, orders of
magnitude more intense than elsewhere; the turbulence mix-
ing and entrainment can be concentrated in hotspots – as they
are in the Mediterranean outflow.

A further explanation of the discrepancy between the dis-
sipation and the bulk estimates of entrainment could be that
the commonly cited bulk estimates are too high. The initial
characteristics of the overflow plume are usually taken from
the cold, dense, well-mixed deepest layer at the sill. How-
ever, several water masses contribute to the overflow, and the
overflow plume is stratified (Rudels et al., 1999). Some of the
observed downstream heating could then be due to the inter-
nal mixing between waters initially present in the plume, and
not caused by entrainment of ambient water from south of
the sill (Rudels et al., 1999).
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